Characterizing glaciotectonic deformation, glacial erosion and sedimentation, and basal hydrologic conditions of ice sheets is vital for selecting sites for nuclear waste repositories at high latitudes. Glaciotectonic deformation is enhanced by excess pore pressures that commonly persist near ice sheet margins. Depths of such deformation can extend locally to a few tens of meters, with depths up to approximately 300 m in exceptional cases. Rates of glacial erosion are highly variable (0.05-15 mm a−1), but ratesa−1 are expected in tectonically quiescent regions. Total erosion probably not exceeding several tens of meters is expected during a glacial cycle, although locally erosion could be greater. Consolidation of glacial sediments that is less than expected from independent estimates of glacier thickness indicates that heads at the bases of past ice sheets were usually within 30% of the floatation value. This conclusion is reinforced by direct measurements of water pressure beneath portions of the West Antarctic ice sheet, which indicate average headsbed, despite thick ice at subfreezing temperatures. Therefore, in models of subglacial groundwater flow used to assess sites for nuclear waste repositories, a flux upper boundary condition based on water input from only basal melting will be far more uncertain than applying a hydraulic head at the upper boundary set equal to a large fraction of the floatation value. 
INTRODUCTION
High-level nuclear waste must be isolated from the biosphere for at least one million years (Fyfe 1999) . Glaciations profoundly modify landscapes. Ensuring that a proposed high-latitude waste repository is not disturbed by glaciotectonic processes or exhumed by glacial erosion is critical to any site selection procedure. Moreover, the basal hydrology of ice sheets sets the upper boundary condition for models of subglacial groundwater flow that are highly relevant to waste isolation (e.g. Person et al. 2007 ; Lemieux et al. 2008) . The purpose of this study is to review the state of knowledge regarding glaciotectonic processes, glacial erosion and sedimentation, and hydrologic conditions near the bed surface potentially relevant to siting of waste repositories. Deeper crustal processes of isostatic adjustment, lithospheric flexure, and fault reactivation affect the elevation of the bed surface during glaciation and can modify crustal pore pressures and permeability (Neuzil 2012) ; knowledge of these processes is important for nuclear waste isolation but is not addressed herein. The chemistry of glacially derived groundwater is also treated elsewhere (McIntosh et al. this issue) .
GLACIOTECTONIC DEFORMATION
Glaciotectonic deformation is sediment or rock strain induced by glacial stresses, excluding deformation that reflects only volumetric change (e.g. consolidation) or reactivation of deep crustal faults and isostatic adjustment (Van der Wateren 1992) . Resultant structures include nearly the full range of features familiar to structural geologists but with thrust faults and related folds being most common (Fig. 1) . These features commonly extend to depths of tens of meters, although depths in extreme cases can extend to a few hundred meters (e.g. Aber & Ber 2007) . Deformation reflects the combined influences of shear and normal stresses that glaciers exert on the bed surface. These stresses affect subglacial deformation that can propagate into proglacial areas by compression of sediments there in the direction of flow. Deformation in proglacial areas also can be assisted by the compression of sediments in front of ice ('bulldozing'), rather than beneath it, and by gravity-induced deformation associated with glaciotectonic bulging. However, the bulk of evidence and discussion favors subglacial stresses as most fundamental in the development of glaciotectonic structures (e.g. Benn & Evans 1998; Aber & Ber 2007) . Subglacial deformation is also most relevant to subglacial groundwater flow.
To appreciate the role of groundwater in glaciotectonic deformation, consider the situation depicted in Fig. 2 , where an ice sheet rests on a sloping bed. The bed could be considered either rock or sediment. The bed shear strength, S s , is linked to pore-water pressure through the Coulomb-Terzaghi yield criterion:
where r e is the effective normal stress in the bed, defined as the difference between the total normal stress and the pore-water pressure. The friction angle, /, and cohesion, s 0 , are constants characteristic of the bed material. The shear stress, s, driving deformation is
where s b is the shear stress the glacier exerts on the bed surface, q b is the bulk density of the bed material, g is the gravitational acceleration, z is depth measured normal to the bed surface, and b b is the bed slope. Deformation of bed material occurs if s = S s . Note that s can nowhere exceed S s : the bed cannot deform at a stress higher than its yield strength without departing from the quasi-static stress equilibrium that characterizes slow deformation. The effective normal stress within the bed is
where r eb is the effective normal stress at the bed surface, q f is the density of water, and Du is the pore-water pressure deviation from hydrostatic associated with groundwater flow. The value of Du will be dependent on z, but a priori this dependence is not known; for the sake of illustration, we assume a linear dependence through a constant j (Du = jz). Then, substituting the right-hand side of Eq. (3) into Eq. (1) and differentiating Eqs (1) and (2) with respect to z yields dS s dz Glacier-bed geomorphic processes 39
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Considering only a hydrostatic distribution of pore pressure (j = 0), characteristically small bed slopes (b b < 5°), and reasonable ranges of friction angle (/ = 15-40°) and bulk density (1500-2000 kg m )3 ; Lambe & Whitman 1978) indicates that bed shear strength will increase faster with depth than shear stress, usually by more than a factor of three. This, together with the requirement that at the bed surface s b cannot exceed the bed shear strength there (r eb tan / + s 0 ), indicates that in the case of hydrostatic pore-water pressure and a homogeneous bed, deformation must always be limited to the bed surface, with no mechanism for extending deformation to depth (Fig. 3A) . In contrast, calculated depths of deformation for the same situation. Their analysis implies, however, that shear stress at the bed surface can steadily exceed the bed strength there -an untenable result as the resultant force imbalance would lead to catastrophic glacier acceleration (Fig. 3A , left-most distribution of S s ). Deformation, however, can extend to depth if excess pore pressures decrease upward, such that j is sufficiently large to satisfy dS s ⁄ dz < ds ⁄ dz (Fig. 3B) : the condition for failure at depth. Evaluating this inequality with Eqs (4a) and (4b) indicates that deformation can occur at depth only if there are excess pore pressures there. The criterion for failure is
Using typical values for the parameters of Eq. (5) (i.e. q b = 1600 kg m )3 , b b = 5°, / = 30°) yields a value for j of about 3500 Pa m )1 .
Excess pore pressures at depth are particularly likely near glacier margins. An upward component of groundwater flow is expected there, owing to the down-glacier reduction in head at the bed surface where glacier thickness approaches zero. Where this upward flow is impeded by a zone of low substrate permeability near the bed surface, the gradient in excess pore pressure will be particularly large. Glaciers commonly rest on fine-grained tills or lake sediments near their margins, which can serve as confining units. In addition, where glacier margins override permafrost in climates that are sufficiently cold, the substrate within several kilometers of the margin can remain frozen to the bed owing to conductive cooling there made possible by the thin marginal ice (e.g. Weertman 1961; Moran et al. 1980) . In this situation, the melting temperature isotherm dips down-glacier below the ice sheet margin, such that a permafrost layer divides ice from the underlying unfrozen substrate. This permafrost can serve as a confining unit and also impedes down-glacier water flow along the bed surface, increasing pore-water pressures both upglacier from the frozen zone and in the unfrozen sediment or rock beneath the frozen layer.
Pore pressures in excess of hydrostatic at depth can also result from glacial loading of fine-grained sediments and sedimentary rocks (e.g. Person et al. 2007; Bense & Person 2008) . The low hydraulic diffusivity of such sediment layers, particularly if they are thick, can result in time scales for loading that are less than time scales for pore-pressure diffusion. Loading is expected to be fastest beneath steep ice sheet margins that are advancing rapidly, causing rapid increases in total normal stress on the bed during glacier advance.
Deformation is also more likely near ice sheet margins because of a source of shear stress not included in Eq. (2). Slopes of ice sheets increase markedly toward their margins. Thus, total normal stresses on the bed decrease toward the margin at an increasing rate. This distribution of normal stress causes a compressive longitudinal stress gradient in the bed that contributes to the shear stress on an incipient failure surface (e.g. Aber & Ber 2007) . Estimating this shear-stress component requires a number of assumptions regarding elasticity of the substrate total shear stress in the bed increases with depth. Thus, the criterion for failure at depth, dS s ⁄ dz < ds ⁄ dz, is more likely to be satisfied near the margin, where because of the high rate of slope change down-glacier, longitudinal compressive stress gradients will be greatest. Mechanical heterogeneity, in addition to hydrogeologic heterogeneity, can also potentially contribute to deformation at depth. Decreases in substrate cohesion or friction angle with depth could satisfy dS s ⁄ dz < ds ⁄ dz. Examples would be bedding planes with reduced frictional strength or a permafrost layer at the bed surface, which greatly increases cohesion of unlithified sediments.
Thus, glaciotectonic structures are likely to be closely associated with substrate hydrologic and mechanical heterogeneity and provide information about pore pressures and temperature of the bed. The conditions for such deformation could potentially exist anywhere beneath ice sheets; for example, Boulton et al. (2007a,b) argued that upward groundwater flow in the vicinity of low-pressure channels at the ice-bed interface could cause glaciotectonic deformation. However, such structures are likely to be best developed beneath ice sheet margins where confining units, such as till or permafrost, enable high excess pore-water pressures at depth, where longitudinal stress gradients increase shear stresses, and where excess pore pressures may be generated by rapid loading of fine-grained sediments. Field observations agree with this expectation.
Field evidence of glaciotectonic deformation
Glaciotectonic features can be generalized as occurring in three zones that constitute the footprints of the Laurentide and Scandinavian ice sheets: an outer zone 200-800 km wide that extends to the former ice sheet margin, where glaciotectonic structures are largest and most common, an intermediate zone of comparable width with only small isolated glaciotectonic structures in sediments of the last glaciation, and an interior zone with more widespread deformation confined largely to drift that predates the last glaciation (Aber & Ber 2007) .
Not surprisingly, the outer zone for both the last glacial maximum and the pre-Wisconsinan ⁄ Weichselian ice limits is where weak, unlithified Quaternary sediments are thickest. They are underlain in both Europe and North America by predominately soft Cretaceous and Tertiary sedimentary rocks. These rocks, particularly fine-grained clastic rocks and chalks, are commonly also deformed. Many end moraines in this zone have glaciotectonic components (Moran et al. 1980; Bluemle & Clayton 1984; Ber 1987; Meyer 1987; Van der Wateren 1987; Mooers 1990) .
The most dramatic expressions of glaciotectonic deformation in these landscapes are hill-hole pairs and transverse ridges. Both result from ice-marginal thrusting of the glacier substrate. A hill-hole pair is a hill of glacially thrusted rock or sediment that is situated up to 5 km down-glacier from a depression of similar size and shape (Bluemle & Clayton 1984 (Bluemle & Clayton 1984; Aber & Ber 2007) . Indirect but compelling evidence indicates that groundwater flow was instrumental in the formation of these features. In the plains of North Dakota, Alberta, and Saskatchewan, where these features are unusually common and well developed, they are almost invariably located over discrete aquifers, with overlying less permeable units that enabled excess pore pressures (Moran 1971; Moran et al. 1980; Bluemle & Clayton 1984) . Confining units were overlying tills or zones of permafrost. Sizes and shapes of thrust features, to some extent, mimic those of underlying aquifers. A particularly good example is from near Anamoose, N. Dakota, where southeasterly flowing ice overrode a 40-m-thick sand and gravel aquifer within a buried river valley approximately 0.5-1.0 km wide (Fig. 4) . Thrusting resulted in a hill-hole pair, with the depression overlying the down-glacier side of the aquifer and the creation of a 30-m-high hill down-glacier from the depression. A small esker begins at the down-glacier side of the depression and extends down-glacier (Fig. 4) . The inference made by Bluemle & Clayton (1984) is that large vertical gradients in excess pore pressure on the down-glacier side of the aquifer enabled thrusting, followed by release of groundwater to the bed surface, creating the esker. The association between eskers and thrust masses is common in N. Dakota, as is the tendency for thrusting on the downglacier sides of aquifers.
Other aspects of the geographic distribution of thrust features implicate groundwater flow in their formation. For example, thrust features are most prominent in the northernmost areas of the southern and southwestern margin of the Laurentide ice sheet. These areas include former ice sheet margins in Alberta, Saskatchewan, North Dakota and north-central South Dakota (Bluemle & Clayton 1984) , the Superior Lobe in Minnesota (Mooers 1990) , and the northwestern edge of the Lake Michigan Lobe (McBride et al. 2007; Higuera-Diaz et al. 2008 ). In contrast, prominent glaciotectonic structures are rare or absent along the southernmost portions of the ice sheet, specifically along the southern margins of the James, Des Moines, Lake Michigan, Saginaw, and Huron lobes (Clayton et al. 1989) . Together, these lobes extended across the US Upper Midwest from eastern S. Dakota to Ohio. Mickelson (1987) argued using landform associations that these southern lobes did not advance over permafrost and therefore did not have their margins frozen to the bed (Fig. 5) . In contrast, landforms developed near the southern ice sheet margin at higher latitudes, such as high-relief end moraines, tunnel valleys, and drumlins, indicate a frozen margin several kilometers wide. This interpretation is consistent with the basal temperature distribution of the Laurentide ice sheet at the last glacial maximum modeled by Denton & Hughes (1981) , which indicates that southern sections of these five southernmost ice lobes would have been at their melting temperatures. Thus, the spatial coincidence of a frozen margin and conspicuous glaciotectonic features indicates that permafrost may have commonly served as the confining unit at ice sheet margins, enabling high excess pore-water pressures in underlying aquifers.
The observation that deformation does not exceed depths of approximately 300 m and usually is an order of magnitude shallower indicates that direct glaciotectonic disturbance of a repository would be unlikely over the duration of a single glacial cycle. Depths >400 m are usually considered for such facilities (Talbot 1999) . On the other hand, groundwater flow from the glacier sole to such depths could be severely influenced through both the redistribution of sediments and the generation of preferred flow pathways.
GLACIAL EROSION AND SEDIMENTATION
Glaciers can erode rocks and redistribute sediment rapidly and over a glacial cycle potentially exhume waste repositories sited in bedrock. Moreover, the geometry and outcrop patterns of subglacial aquifers and their confining units can change owing to glacial erosion and sedimentation, thereby affecting groundwater flow. Glaciers move sediment in three general ways: by incorporating debris in their ice, by producing vigorous water flows that transport debris, and by deforming their substrates (e.g. Alley et al. 1997 ). In the case of ice sheets with few bedrock highs that extend above the glacier surface, nearly all debris is derived from the bed, rather than from adjacent slopes. Rates of sediment transport by ice sheets can be limited either by the rate at which debris is supplied by bed erosion or by processes of sediment transport that move debris down-glacier. Subglacial zones with ice in contact with bedrock indicate that mechanisms of bedrock erosion limit rates of sediment transport. In contrast, if a layer of debris separates ice from rock, transport rates are limited by transport processes. In the latter case, whether erosion or aggradation of a basal sediment layer occurs depends on the sign of the sediment flux divergence (e.g. Bougamont & Tulaczyk 2003; Boulton 2006) .
There is general agreement regarding the variables that control rates of erosion and sediment transport. Foremost among these is temperature of the basal ice: erosion and most transport processes are greatly accelerated when basal ice is at its pressure-melting temperature. Melting ice at the bed enables glacier sliding at rates orders of magnitude faster than when ice is frozen to the bed (3-4800 m a )1 as opposed to <1 m a )1 ) (Cuffey & Paterson 2010) . Rates of sliding increase debris fluxes by increasing glacier speed and are widely thought to be a first-order control on rates of bedrock erosion (e.g. Hallet 1979 Hallet , 1996 MacGregor et al. 2000; Amundson & Iverson 2006; Anderson et al. 2006) . Also, melting basal ice greatly increases the likelihood of either distributed or channelized water flow at the bed (Fountain & Walder 1998) , with associated fluvial sediment transport (e.g. Hooke et al. 1985) . Similarly, shearing of subglacial sediment layers to strains sufficient to account for significant sediment transport is also far more likely if basal ice is melting, such that pore water in these sediment layers is unfrozen. A second controlling variable is effective normal stress on the bed: the difference between the glacier overburden pressure and the basal water pressure. Low effective normal stresses enhance rates of bedrock erosion (Iverson 1991; Hallet 1996; Hildes et al. 2004; Cohen et al. 2006) and are also necessary to activate especially rapid basal movement (e.g. Marshall & Clarke 1997) , through either sliding of ice over bedrock (e.g. Kamb 1987) or shallow (<1 m) bed deformation (Clarke 1987; Iverson et al. 2003) , with associated rapid erosion and sediment transport. Also, bedrock lithology affects the rate at which it is eroded. Hard crystalline igneous and metamorphic rocks will be less vulnerable to the scouring action of rock fragments in sliding ice (abrasion) than most sedimentary rocks, and crystalline rocks with high compressive strengths and lacking joints will be less vulnerable to quarrying than jointed and bedded sedimentary rocks (e.g. Addison 1981; Benn & Evans 1998; Dühnforth et al. 2010) . A final factor is the rate of tectonic uplift. High rates increase sediment transport rates by promoting pervasive fracture of bedrock and the production of topographic relief that feeds sediment to glacier surfaces . Hildes et al. (2004) included most of these factors in a numerical model of erosion and sediment transport applied to the Laurentide and Cordilleran ice sheets over a full glacial cycle (120 ka). Their sediment transport model was coupled to the continuum mixture ice sheet model of Marshall & Clarke (1997) , which provided the thermodynamic, hydrologic, and geologic context, including representation of zones of fast glacier flow (ice streams). The model yielded bed erosion of 0.4-1.7 m (0.003-0.014 mm a )1 ), averaged over the footprint of the Laurentide ice sheet, with local maximum rates approximately an order of magnitude higher. These erosion rates are generally smaller than estimates based on geologic criteria and modern sediment yield measurements. Reasons for the discrepancy probably reflect uncertainty regarding the appropriate specification of the large number of free parameters in the model. Empirical estimates based on field data, discussed below, are likely more reliable. The most certain generalization regarding patterns of erosion and sedimentation during a full glacial cycle is that near ice sheet centers, where ice was likely frozen to the bed surface during most of the last glaciation (Huybrechts & T'siobbel 1995; Kleman & Hättestrand 1999) , little erosion occurred. Most of the bed immediately outboard of this zone, however, was at the melting temperature and thus was subjected to significant net erosion. Still farther down-glacier net erosion transitioned into an ice-marginal zone of net sedimentation (e.g. Boulton et al. 2001; Fig. 6 ). This transition arose from sediment transport mechanisms that, with the exception of glaciofluvial transport, had fluxes that fell to zero at the margin. Thus, sediment continuity required that sediments accumulated there in the form of basal till layers, end moraines, kames, proglacial lake sediments, and other features.
Therefore, during the lengthy advance phase of a glacial cycle (approximately 100 ka), a wave of sediment beneath and adjacent to the margin moves to lower latitudes with the margin position (Fig. 7) , with deposition rates decreasing up-glacier and transitioning to zones where first overridden glacial sediments are eroded, followed by preglacial sediments or rock (Boulton 2006) . During the brief retreat phase (1-20 ka), a layer of glacial sediments is deposited on top of the erosion surface developed at the glacial maximum (Fig. 7) as the margin position rapidly moves to higher latitudes. Sediment layer thicknesses resulting from a glacial cycle vary greatly but are on the order of tens of meters near an ice sheet margin. A caveat is that despite the general tendency for deposition at glacier margins, erosion in the form of overdeepended basins can locally occur there, particularly near the edges of ice masses in mountain belts (e.g. Alpine foreland, Preusser et al. 2010) .
Sediments that accumulate subglacially in marginal zones, and thus divide the glacier sole from underlying sediments or rocks, are dominantly tills. Although permeabilities of tills are highly variable (10 Freeze & Cherry 1979) and glacial sediments commonly contain outwash sand and gravel, glacial sediments usually function as aquitards in sedimentary basins (Freeze & Cherry 1979) , highlighting the need to consider these sediments in models of groundwater exchange between the bed surface and deeper rock units where waste repository sites are being considered.
Glacial erosion rates
Rates of glacial erosion can be estimated in diverse ways. In some cases, paleosurfaces of known age can be differenced with modern topography to obtain erosion rates (e.g. Nesje et al. 1992) . Other data come from studies in which sediment yields from modern basins with glaciers are measured and the area of the basins used to compute the basin-wide average rate of substrate erosion. Sediment yields are commonly measured directly in proglacial streams over periods of several months to years (e.g. Bogen 1989) . Also, erosion rates over years to several centuries have been obtained by determining volumes and periods of deposition of sediment packages in proglacial lakes and fjords (e.g. Riis & Fjeldskaar 1992; Hunter 1994; Koppes & Hallet 2006; Koppes et al. 2010) . Caution should be exercised in extrapolating modern erosion rates deeper into the past because rapid recession of some modern glaciers has tended to transiently increase their rates of bed erosion (e.g. Koppes & Hallet 2006 ). There has been limited application of essentially this same method to ice sheets over multiple glacial cycles by estimating the volume of sediment shed into adjacent ocean basins. Bell & Laine (1985) used all marine sediment repositories of the Laurentide ice sheet to estimate the spatially averaged erosion rate for the ice sheet over the last 3 Ma: 0.04 mm a )1 or approximately 120 m of denudation. Others have interpreted these sediment packages differently to obtain smaller values for the same period (80 m; Hay et al. 1989 ). More extensive data are available from modern glacierized regions. A comprehensive review by Hallet et al. (1996) summarizes erosion rate data from approximately 25 studies of sediment yields from modern glaciers in Alaska, Norway, Svalbard, the Swiss Alps, the Himalayas, New Zealand, and Iceland. Erosion rates vary through orders of magnitude: 0.05-15 mm a )1 (Cuffey & Paterson 2010) , after adjustments are made to account for shortterm erosion rates (owing to periods of rapid glacier retreat) that exceed more meaningful longer-term averages (Koppes & Hallet 2006) . Bedrock type, rates of tectonic Only slightly higher rates were determined for Sognefjord (approximately 2.0 mm a )1 ) by differencing a Tertiary surface with the modern topography of the fjord (Nesje et al. 1992) . Thus, in regions without tectonic forcing but potentially subject to rapid glacier flow over weak sedimentary rocks, a high upper limit for rates of erosion would be approximately 10 mm a )1 only in southeast Alaska and in Patagonia (Koppes et al. 2010 ) is this rate slightly exceeded. A more likely upper limit for a timeaveraged rate of erosion would be 1.0 mm a )1 , yielding erosion not exceeding 120 m over a 120-ka glacial cycle.
Given that over large parts of a glacial cycle there will little or no glacial erosion, a best guess would be total erosion of a few tens of meters. Although such erosion would leave waste repositories at depths >400 m safe from direct disturbance by erosion over many glacial cycles, rates of erosion may, of course, locally be higher. Talbot (1999) , for example, cited deep glacial valleys and field-based inferences that fluvial landscapes can be transformed in glacial landscapes over approximately 200 ka (Kirkbride & Matthews 1997) as evidence that valley erosion and headward extension could threaten repositories in some mountain belts. In tectonically quiescent mountain belts and shield areas, this risk is minimal.
Sedimentation patterns
Gross patterns of sedimentation beneath past ice sheets are consistent with expectations. For example, tills and moraine complexes of the Laurentide ice sheet during the last glaciation are most extensive along the ice sheet margin (Fig. 8A ). This presumably reflects both sediment transport capacity that decreased toward the ice margin and the down-flow change from largely crystalline, erosion-resistant bedrock to weaker sedimentary rocks near the margin (Fig. 8B) .
Zones of thick glacial sedimentation at the margin of the Laurentide ice sheet highlight the need to include glacial sediments in modeling efforts to assess glacial recharge of underlying rocks considered as potential hosts for waste repositories. Similarly, thick Quaternary sediments separated the former southern margin of the Scandinavian ice sheet from underlying sedimentary bedrock. For example, Piotrowski (1997) modeled subglacial groundwater flow through Quaternary tills, lake sediments, and outwash sands with an average total thickness of approximately 100 m in northern Germany. He concluded that, even after considering only basal meltwater and neglecting likely water input to the bed from the glacier surface, finegrained tills and lake sediments were sufficiently extensive to prevent transmission of subglacial water entirely by groundwater flow. Others who have considered groundwater flow beneath the margin of the Scandinavian ice sheet (Moeller et al. 2007 ) and southern lobes of the Laurentide ice sheet (Breemer et al. 2002; Carlson et al. 2007) and Cordilleran ice sheet (Brown et al. 1987) have reached the same conclusion. In contrast, Boulton & Dobbie (1993) and , who modeled groundwater flow beneath the southern margin of the Scandinavian ice sheet, lumped all Quaternary sediments into a single unit with the hydraulic conductivity of sand (3.1 · 10 )11 m 2 ) and reached the opposite conclusion that subglacial water could be discharged entirely by groundwater flow. This conclusion should be viewed with skepticism (e.g. Piotrowski 2006) both because the likely role of aquitards in glacial sediments was neglected and because water input to the bed from the glacier surface was assumed to be zero.
LANDFORMS: ESKERS, TUNNEL VALLEYS, AND FLUIDIZATION STRUCTURES
Eskers, tunnel valleys, and fluidization features are landforms that require special attention, owing to their association with the basal hydrology of ice sheets. Eskers are sinuous ridges of sand and gravel, up to several hundred kilometers long, usually deposited by water flowing through channels incised upward into the glacier sole (socalled R-channels). Tunnel valleys are broad depressions cut in sediments or weak rocks that extend up-glacier from former ice margins. These valleys can be either straight or sinuous; in the latter case, they are commonly called tunnel 'channels' (Ehlers & Wingfield 1991; Clayton et al. 1999) . Those of the southern Laurentide ice sheet are typically a few kilometers to tens of kilometers long, >150-500 m wide, and a few meters to tens of meters deep (Hooke & Jennings 2006) . Fluidization structures are various proglacial features interpreted to have been formed by upward groundwater flow.
Esker distributions of the Laurentide and Scandinavian ice sheets display intriguing patterns. Where bedrock is crystalline with overlying tills that are thin, discontinuous, and coarse-grained, esker systems are well developed; in contrast, eskers are rare where there is easily eroded sedimentary bedrock that has resulted in overlying thicker, finer-grained tills ( Fig. 9 ; Clark & Walder 1994) .
This observation has been interpreted in two ways. Some attribute esker prominence over crystalline bedrock to be the result of its low permeability, which inhibits groundwater flow and thereby enables sufficient water discharge along the bed surface to sustain the subglacial tunnels necessary for esker formation (Person et al. 2007; Piotrowski 1997) . In that case, eskers would be rarer over sedimentary rocks because more water in such zones is discharged as groundwater flow through sedimentary aquifers. For example, Grasby & Chen (2005) noted that esker systems terminated in Saskatchewan where the Laurentide ice sheet overran a Paleozoic carbonate aquifer at the margin of the Williston Basin. Alternatively, esker distribution depends on whether there is sufficient deformable till at the bed. As argued by Clark & Walder (1994) , theoretical models (Walder & Fowler 1994) indicate that water will usually flow over a deformable till bed not in channels incised into the glacier sole, but in shallow, anastomosing channels, with smaller discharge, incised into underlying till. This more distributed flow system would inhibit esker formation where erosion of weak, sedimentary bedrock leads to fine-grained deformable till at the bed surface. Thus, absence of eskers does not necessarily indicate that water flowed primarily as subglacial groundwater. Rather, water may have moved in distributed shallow channels cut into the bed that were ill-disposed to esker formation.
Eskers, however, provide less ambiguous information about hydraulic potential at the bed surface. Water pressures in tunnels incised in the glacier sole are controlled, in part, by the pressure of the overlying ice (Shreve 1972 (Shreve , 1985 . Where ice is thicker than approximately 100 m, its deformation keeps pace with water discharge and pressure changes in the channel that occur over periods longer than a few days. As ice deforms near channels, they shrink or expand affecting the carrying capacity and potential gradient in the channel. Thus, channels adjust in size to transmit the discharge of water supplied, such that the water pressure and ice-overburden pressure are coupled (Shreve 1972 (Shreve , 1985 . The degree to which the water pressure in channels is less than ice-overburden pressure depends on the water discharge (Röthlisberger 1972) ; high water discharges result in high rates of frictional heat dissipation, resulting in rapid melting of channel walls. Resultant steady-state channels have larger cross-sections and lower water pressures than channels that result from lower discharges. Thus, the discharge-pressure relationship is the opposite of that expected for a Darcian flow system. Other variables (e.g. effective ice viscosity, channel shape) that are poorly constrained make precise prediction of R-channel pressures difficult. Nevertheless, calculations adapted from Röthlisberger (1972) by Hooke (2005) indicated that for reasonable ranges of parameter space and distances >10 km from the ice margin, hydraulic head in R-channels should be 40-90% of the ice thickness. Arnold & Sharp (2002) computed values of 60-80% in their model of the Scandinavian ice sheet. Heads closer to the upper limits of these ranges are more likely, owing to enhancement of ice deformation by the combined effects of low, broad tunnels, and soft basal ice (Hooke 2005) .
Therefore, the presence of eskers is evidence that pressure heads in R-channels were sufficient to keep them from closing by ice deformation, with values likely some significant fraction of the ice thickness. Intervening zones on the bed were likely at still higher heads, assuming these zones transmitted water to channels. In contrast, absence of eskers cannot be inferred to imply low hydraulic heads at the bed. Distributed basal water systems that do not give rise to esker formation including linked cavity (Walder 1986; Kamb 1987 ) and canal (Walder & Fowler 1994) systems will support higher water pressures than R-channels.
Eskers are also usually thought to indicate supraglacial input of water to the bed. Gravel-sand couplets, which are common in esker stratigraphy, have been interpreted to reflect variable flow competence associated with variable supraglacial meltwater input the bed; these unsteady flows are less likely to have been a consequence of basal melting driven by geothermal and frictional heat (Brennand 1994 (Brennand , 2000 . Moreover, eskers are sometimes headed in distinctive moulin kames, indicating water input from the glacier surface through an englacial shaft to the bed (moulin; Mooers 1989 ). Finally, spatial relationships of eskers to moraines and tunnel valleys suggest that they form in the late stages of glaciation, in a swath beneath the ablation zone of retreating ice sheets where there was plentiful seasonal surface water input to the bed (e.g. Herbrand & Å mark 1989; Mooers 1989; Benn & Evans 1998; McCabe 2008 ). This viewpoint is also supported by the coupled flow and hydrologic model of Arnold & Sharp (2002) for the Scandinavian ice sheet; their model predicted R-chan- nel flow within 150 km of the ice sheet margin during deglaciation.
Tunnel valleys, which occur near the former southernmost margins of both the Laurentide and Scandinavian ice sheets of the last glaciation, are clear evidence, as are eskers, that not all water available at the glacier sole could drain as groundwater. These valleys may have formed because of erosion by high seasonal surface water discharges to the bed beneath the ablation area of retreating ice sheets (e.g. Mooers 1989 ). Others have appealed to storage of basal meltwater in subglacial lakes impounded by ice frozen to its bed at the ice sheet margin. Erosion is considered to have occurred either by high discharge flows when lakes drain (Wright 1973; Piotrowski 1994 Piotrowski , 1997 Clayton et al. 1999; Cutler et al. 2002) or by piping associated with steep hydraulic gradients between these lakes and the edge of the ice sheet (Hooke & Jennings 2006) . If tunnel valleys reflect water storage in subglacial lakes followed by rapid drainage, hydraulic heads at the bed surface may have oscillated through a wide range over some characteristic period required to refill the lakes. For the Green Bay Lobe of the southern Laurentide ice sheet, Hooke & Jennings (2006) suggested this period was on the order of 10 years.
Features interpreted to have resulted from full or partial fluidization of sediments, such that there was zero or reduced effective pressure, include sand and gravel diapirs (Krygowski 1963; , depressions (so-called blow-out structures) up to approximately 300 m in diameter (Christiansen et al. 1982; Bluemle 1993; Evans et al. 1999; Benediktsson et al. 2010) , and some glaciotectonic moraines . These features, although rare, are most common in proglacial areas. Gradients in pore-water pressure in excess of hydrostatic associated with upward groundwater flow in such areas can fully or partly counteract the buoyant weight of overlying sediments. Resultant diapirs and blow-out structures could result from hydrofracturing or piping of confining units responsible for excess pore pressure or from local melting of overlying permafrost. In addition, formation of push moraines, which result from folding and thrusting of proglacial sediments by an advancing glacier margin, may be assisted by upward groundwater flow through its effect on reducing effective pressure .
The relevance of eskers and tunnel valleys to storage of nuclear waste is that they provide clear evidence that significant discharges of water, available at the glacier sole, do not communicate with rock units at depth. Therefore, a flux boundary condition derived from estimates of total meltwater discharge available at the bed surface (e.g. Breemer et al. 2002; Lemieux et al. 2008 ) is likely to be uncertain. Fluidization features reinforce the conclusion that, despite significant water discharges along the bed surface, glaciers profoundly affect groundwater circulation by promoting steep ice-marginal head gradients.
CONSOLIDATION OF SUBGLACIAL SEDIMENTS
When an ice sheet overrides sediment, it consolidates such that grains pack together and void spaces become smaller. For water-saturated sediments, pore-water pressure in excess of hydrostatic develops as stress is applied, which drives water from the pores of the sediment, enabling consolidation with attendant pore-pressure dissipation. Consolidation is a time-dependent process and requires far longer periods in fine-grained sediments (e.g. silt and clay) than in coarse-grained sediments (e.g. sand and gravel) owing to differences in hydraulic diffusivity that span several orders of magnitude. For a given sediment type, the extent of consolidation depends on the largest effective normal stress applied during loading, commonly called the preconsolidation pressure. If independent estimates of ice thickness are available to determine ice-overburden pressure, measured preconsolidation pressures of sediments loaded by glaciers allow minimum pore-water pressures at the bed to be estimated.
Preconsolidation pressures are most commonly measured in laboratory consolidation tests conducted on intact samples collected either in outcrop or from cores. The measurement technique depends on the precept that, when reloaded in the laboratory, the sediment specimen will compress elastically until the preconsolidation pressure is exceeded and permanent consolidation ensues. In such tests, a confined, water-saturated, fine-grained specimen (usually till or lake sediment) is subjected to incremental increases in total axial stress. Water can drain out of the upper and lower platens that squeeze the specimen, so after each increase in stress, excess pore-water pressure is allowed to dissipate as the specimen contracts. Early stress increments result in primarily elastic compression of the grain skeleton, but at a sufficiently large stress, the specimen begins to contract primarily through permanent rearrangement of grains and reduction in porosity. Void ratio at the end of consolidation is typically plotted as a function of the logarithm of the applied stress (Fig. 10) . At the preconsolidation stress, P max e , the curve begins to slope more steeply indicating permanent consolidation. This point, which is seldom a discrete break in slope, is usually determined graphically from the curve using the method of Casagrande (1936) , who found that it reproduced preconsolidation stresses on sediments with known loading histories.
Early studies equated preconsolidation stresses measured in this way to the total stress exerted by ice sheets on the bed (Harrison 1958) , but most recent studies acknowledge the important role of subglacial positive pore pressures in reducing stresses on the grain skeleton (Boulton & Paul 1976; Sauer et al. 1993; Piotrowski & Kraus 1997; Tulaczyk et al. 2001; Hooyer & Iverson 2002; Iverson & Hooyer 2004) . Pore pressures include both the hydrostatic and nonhydrostatic components. The latter can reflect incomplete consolidation because of loading by the weight of the glacier, groundwater flow unrelated to consolidation, or some combination of the two effects.
Thus, for ice masses where ice thickness and associated total normal stress on the bed, N, can be estimated independently, measured preconsolidation stress, P max e , can be used to estimate the minimum pore pressure, u m , in basal sediments of past ice sheets: u m ¼ N À P max e . Preconsolidation pressures, therefore, provide a means of comparing the minimum hydraulic potential at the bed surface with head values applied in models (e.g. Piotrowski 1997; Person et al. 2007) . Moreover, distributions of preconsolidation pressure with depth provide information about head distributions (e.g. Boulton & Dobbie 1993) . Uncertainties include postdepositional disturbance of sediments that can influence measured preconsolidation pressures. Drying, for example, can cause consolidation, which results in preconsolidation pressures that are too large, and soil forming processes can have the opposite effect (Mickelson et al. 1979; Tulaczyk et al. 2001; Hooyer & Iverson 2002 ). In addition, shear of sediments that might have accompanied glacial loading can affect void ratio and hence influence measured preconsolidation pressures (Huang & Sharma 2008) . These problems can be minimized through careful selection of sample sites.
Preconsolidation data
Most preconsolidation data from North America and Europe indicate that effective pressures near the bed surface were low during the last glaciation. Edil & Mickelson (1995) reported 12 preconsolidation stress values ranging from 413 to 931 kPa for four basal tills in eastern Wisconsin. These values correspond to a potentiometric surface 48-105 m below floatation, over a region where the glacier was >400 m thick (Clark 1992) . Similarly, approximately 100 consolidation tests on tills and inter-till clays at 10 sites along a 1300-km transect in southern Saskatchewan indicated a narrow range of values (1800 ± 200 kPa), corresponding to potentiometric surface approximately 200 m below the floatation level and 69-76% of the ice thickness (Sauer et al. 1993) . Hooyer & Iverson (2002) reconstructed the surface profile of the Des Moines Lobe of the Laurentide ice sheet using geomorphic criteria. Preconsolidation tests yielded values corresponding to pore-water pressures at the bed surface that were 78-98% of the ice-overburden pressure for maximum and minimum ice-thickness estimates (Fig. 11) . P e max P e rm a n e n t re s p o n s e E la st ic re s po n s e (u n lo a d in g ) Fig. 10 . Typical results of a consolidation test, in which a till deposited subglacially was axially loaded under increasing increments of stress and allowed to fully consolidate after each stress increment. The preconsolidation pressure, P max e , is the stress at which permanent deformation becomes dominant and is usually determined graphically following Casagrande Preconsolidation tests on tills of the Scandinavian ice sheet in northwestern Germany indicated a potentiometric surface only 9-62 m below the floatation level where ice was likely several 100 m thick (Piotrowski & Kraus 1997) . Similarly, preconsolidation data from Weichselian tills in England indicate effective pressures at the glacier sole of approximately 60 kPa or about 7 m below floatation (Boulton & Dobbie 1993) . In these studies, preconsolidation pressures did not vary systematically toward the former glacier margin, highlighting that till consolidation was dependent on pore-water pressure near the bed rather than on the glacier thickness. Moreover, in several studies in which preconsolidation data were collected with the goal of calculating ice thickness, these thicknesses were 5-70% smaller than independent estimates (Khera & Schulz 1984; Brown et al. 1987; Van Gelder et al. 1990) . However, in a few cases, high preconsolidation pressures have been measured in glacially loaded sediments, and ice-thickness estimates consistent with independent data have been obtained (Harrison 1958; Larsen et al. 1995) . Of likely significance is that in these cases, samples were collected from thin silt layers adjacent to much thicker and permeable layers of sand and gravel.
In only one case have intact sediments collected from beneath a modern ice sheet been subjected to consolidation testing. Tulaczyk et al. (2001) determined preconsolidation pressures of 4-25 kPa for till cores collected from the base of boreholes drilled through Whillans Ice Stream in West Antarctica. The ice stream is 1060 m thick, indicating that the potentiometric surface was no lower than 951 m or within 3 m of complete floatation.
In relatively few preconsolidation studies have sufficient data as a function of depth been collected to shed light on vertical groundwater flow beneath past ice sheets. Preconsolidation pressures determined in till and inter-till clays several tens of meters thick in southern Saskatchewan were essentially uniform with depth, rather than increasing with depth at a rate commensurate with a hydrostatic pore-pressure distribution (Sauer et al. 1993) . These data were interpreted to reflect incomplete consolidation but could have also reflected upward groundwater flow not associated with consolidation (e.g. Boulton et al. 2007a,b) . In contrast, Boulton & Dobbie (1993) reported preconsolidation values in Weichselian till in eastern England as a function of depth and found distributions of preconsolidation pressure to be broadly consistent with a hydrostatic distribution of pore pressure. They attributed this result to the high permeability of the till.
Preconsolidation pressures provide clear direction for specifying the upper boundary condition in models of subglacial groundwater flow to deep rock units considered for waste repositories. A reasonable strategy is specifying a head distribution at the bed surface equal or close to the ice floatation level based on ice-thickness reconstructions (e.g. Forsberg 1996; McIntosh & Walter 2005; Person et al. 2007 ).
BASAL HYDROLOGY OF MODERN ICE SHEETS: OBSERVATIONS
Observations from the ice sheets of Greenland and Antarctica can potentially provide subglacial hydrologic information that is far less inferential than geologic evidence. Although direct subglacial observations are limited to only a few borehole studies, recent geophysical and remotesensing observations have made solid inferences possible regarding water movement at the beds of these ice sheets over large scales (10-1000 km). Observations from the Greenland ice sheet, much of which is subject to surface melting in summer, are likely more relevant to Northern Hemisphere ice sheets of the last glacial maximum than those in Antarctica (Jansson et al. 2007 ). However, no hydrologic phenomena observed in Antarctica and discussed hereinafter can be precluded for past ice sheets of North America and Europe.
Three recent general findings are the most relevant to modeling subglacial groundwater exchange with deep rocks considered for waste repositories. (i) Hydraulic heads can be very near floatation where a till layer divides melting basal ice from rock. (ii) High summer discharges of surface meltwater from the ablation zone of the Greenland ice sheet are transferred to its base. (iii) Large subglacial lakes, under a pressure equal to that of the ice overburden, are common beneath the Antarctic ice sheet, and large discharges of water move along the bed surface among some of these lakes.
Basal water pressure has been measured beneath both the Greenland and Antarctic ice sheets, although measurements in Greenland are only just underway; preliminary data from a west-coast outlet glacier there indicate water pressure can fluctuate diurnally from 30% to 105% of the ice-overburden pressure in summer (Harper et al. 2010) . In West Antarctica, boreholes were drilled to the bed through three ice streams and inter-stream ridges, through ice thicknesses of approximately 1 km (Engelhardt et al. 1990; Engelhardt & Kamb 1997; Kamb 2001) . The glacier substrate consists of till. Beneath the best-studied ice stream (Whillans) , the till is approximately 0.5-10 m thick (Kamb 2001) , with an average thickness of 6 m (Rooney et al. 1987 ) and a hydraulic conductivity of 2 · 10 )9 m s )1 (Kamb 2001) . Basal ice of the three ice streams is at the pressure-melting temperature, but air temperatures are too cold for the generation of meltwater at the glacier surface. Water pressure measurements at the bases of 44 boreholes yielded average effective pressures of 20, 60, and 40 kPa at the bases of Kamb, Whillans, and Bindschadler ice steams, corresponding to hydraulic heads only 2.2-6.6 m below the floatation pressure. No single measured effective pressure exceeded 170 kPa. These low values are, nevertheless, larger than values inferred from consolidation studies of the till, which reflects either systematic error in one of the two methods or water flow out of the till to the bed surface (Tulaczyk et al. 2001) . In any case, despite basal melting as the only source of water at their bases, these ice streams are essentially floating. This fact is reflected by their very low longitudinal surface slopes (Kamb 2001) and high shear-strain rates along their margins that indicate most of their small driving stresses are supported by adjacent slow-moving ice, rather than by the bed (Whillans & van der Veen 1997; Whillans et al. 2001) . Water movement at the beds of these ice streams likely occurs through a combination of Darcian flow through the till, laminar flow in a submillimeter thick, discontinuous water film at the bed surface, and turbulent flow through conduits at the ice-bed interface (Engelhardt & Kamb 1997) . The conduits are necessary to accommodate the downstream discharge of basal meltwater. Relying on theory for subglacial water flow over a till bed (the 'canals' of Walder & Fowler 1994) , Engelhardt & Kamb (1997) envisioned these conduits as incised in the till bed, approximately 0.1 m deep, approximately 1 m wide, and spaced approximately 50-300 m apart. Measured water pressures indicated that the hydraulic head in these channels was approximately 18 m below the floatation head, with values closer to floatation in intervening parts of the bed. Film and Darcian flow from intervening parts of the bed were thought to feed these conduits.
Beneath the Greenland ice sheet, surface melting during summer months results in a subglacial drainage system that is quite different from those in West Antarctica. The outermost approximately 200 km and most of the southern third of the ice sheet surface melt during summer months. This zone of summer melting is expanding rapidly from year to year (Steffan et al. 2004) and is responsible for supraglacial lakes (Box & Ski 2007; McMillian et al. 2007) . These lakes number in the thousands in southwestern Greenland and have areas of 1-10 km 2 , with an approximate density of one lake per 100 km 2 . The lakes tend to rapidly drain in August to the bed of the ice sheet, sometimes over periods <1 day (McMillian et al. 2007) , resulting in peak discharges from a single lake as high as 8700 m 3 s )1 (greater than the average discharge over Niagara Falls) . During a recent well-documented event, lake drainage occurred over a 2-h period by water-driven ice fracture propagation that evolved into moulin flow through 980 m of ice to the glacier bed . Drainage was accompanied initially by abrupt uplift of the ice surface followed by its subsidence over a 24-h period. This short-lived drainage response was interpreted to indicate efficient dispersal of water along the bed. Catania et al. (2008) used ice-penetrating radar to image moulins in western Greenland and found clear evidence that they were both ubiquitous and extended to the bed in the ablation area (Fig. 12) . Thus, despite ice temperatures below the melting point over most of the thickness of the ice sheet, large seasonal meltwater discharges are input to the bed. These observations suggest that in the latter part of the melt season, the primary component of the basal hydrologic system beneath the ablation area of the Greenland ice sheet may be channels incised into the sole of the ice sheet (R-channels) that are headed in moulins (Ahlstrøm et al. 2005) . Such a system can accommodate large changes in water discharge quickly (Fountain & Walder 1998 ). In addition, although ice-surface velocity increases in response to water input to the bed in southwestern Greenland (Zwally et al. 2002; Joughin et al. 2008) , the velocity change is relatively small, consistent with nondistributed, channelized water flow that affects only a small fraction of the glacier sole. Ahlstrøm et al. (2005) modeled steady flow in R-channels in the outermost 10 km of the western margin of the ice sheet and found for a wide range of possible parameter space that pressures in the channels were likely 0.60-0.98 of the floatation pressure. Water will flow in R-channels at still higher pressures during transient increases in discharge that occur over time scales too short for ice deformation adjacent to channels to respond (less than a few days). R-channels are expected to shrink from fall through late spring as discharge wanes and potentially transform into a more distributed lower-discharge drainage configuration, such as a system of linked cavities (e.g. Fountain & Walder 1998) that, from early to late summer as meltwater discharge increases, the efficiency of the drainage system increases (Sundal et al. 2011) , consistent with redevelopment of R-channels (Schoof 2010) . Up-glacier, beneath the accumulation area of the ice sheet where the bed is also locally at the melting temperature (Dahl-Jensen et al. 2003) but not subject to surface water input during any time of the year, water flow is more likely to be distributed, perhaps in a melt film of nonuniform thickness or in a system of linked cavities.
Water moving at the bases of ice sheets can sometimes collect in topographic depressions as lakes. Subglacial lakes were first identified using radio-echo sounding data in the late 1960s (Robin et al. 1970) . Not until the mid-1990s was it appreciated that such lakes were common beneath that ice sheet (Siegert et al. 1996) and that some of them are very large. The largest is Lake Vostok in East Antarctica, which lies beneath approximately 4 km of ice and is Earth's seventh largest lake (240 · 50 km, 680 m deep; Souchez et al. 2003; Studinger et al. 2003; Clarke 2006) . As of 2005, there were 145 subglacial lakes that had been identified through radio-echo sounding .
Flow of water along a glacier bed is influenced ten times more strongly by the slope of the ice surface than by the local slope of the bed surface (Shreve 1972) . Thus, subglacial lakes are most likely to form up-glacier of severe topographic backslopes and where the ice surface slopes gently, such as near ice divides and domes (Clarke 2006) . Lake Vostok owes it existence to ice flow roughly perpendicular to the deep bedrock trough that contains it, with a steep fault-bounded backslope on the trough's down-glacier side; if ice flow were oriented parallel to the trough, water would readily escape from it and there would be no lake (Siegert 2005) .
Most subglacial lakes that have been identified are sufficiently large that the ice roof is floating on the lake surface. Ice is too weak to bridge a significant distance. Thus, the weight of the floating ice is essentially fully supported by the water, such that water pressure at the lake surface is equal to the ice-overburden pressure. There is good evidence at Lake Vostok that patterns of melting and refreezing at the glacier sole drive lake circulation Souchez et al. 2003; Siegert 2005) . Thermophile bacteria recovered from sediment in ice accreted to the glacier sole has led to speculation that the lake is hydrothermally fed along fault zones, but possible contamination during extraction of ice cannot be ruled out (Petit et al. 2005) . Although the water balances of subglacial lakes in Antarctica are very poorly known, a reasonable expectation is that they would serve as recharge zones to the adjacent glacier substrate where the heads at the bed surface are close to but not at the floatation value. Siegert (2005) estimated the residence time of water in Lake Vostok to be 100 ka, but recent remote-sensing evidence indicates that some smaller subglacial lakes in Antarctica are more dynamic. Satellite measurements of elevation changes of the ice surface near Dome C indicated that 1.8 km 3 of water drained over a 16-month period from a small subglacial lake and was transferred 290 km down-glacier where the water fed two other subglacial lakes (Wingham et al. 2006) . Water level in the source lake dropped by 3 m and that of the receiver lakes rose 1 m. An R-channel 4 m in radius would have been sufficient to convey the water discharge under the prevailing hydraulic gradient. The discharge was relatively small: 50 m 3 s )1 (Björnsson 2002 ). This value is two orders of magnitude less than typical Icelandic subglacial outburst floods but at odds with the long water residence times commonly assumed for subglacial lakes. Similarly, Fricker et al. (2007) used laser altimeter elevation profiles from 2003 to 2006 on Whillans and Mercer ice streams to reveal 14 regions of temporally varying elevation, which were interpreted to reflect subglacial water movement. One of these regions is underlain by a subglacial lake that drained 2.0 km 3 of water over approximately 3 years. Thus, subglacial lakes may be flushed over time scales orders of magnitude shorter than 100 ka. Rapid draining and filling of such lakes may be common in Antarctica and may be responsible for flood-scoured channel networks adjacent to the ice sheet (Lewis et al. 2006) . Rapid draining and filling of such lakes may have also been common beneath past ice sheets (Clarke 2006) .
CONCLUSIONS
Glaciotectonic deformation focused near margins of former ice sheets is evidence that excess pore pressures and upward groundwater flow there were common. Local depths of sediment disturbance are usually a few tens of meters. Thrusting under rare circumstances can extend to depths of approximately 300 m, which is still less than depths typically considered for waste repositories. Excess pore pressures near ice sheet margins are enhanced both by thick, relatively impermeable glacial sediments that accumulate there and by ice-marginal permafrost.
Estimates of glacial erosion rates beneath modern and past glaciers indicate that erosion rates in tectonically inactive areas should not exceed 1 mm a )1 , even if rock types are weak and glacier sliding is fast. Total erosion probably not exceeding a few tens of meters is expected for a full glacial cycle. Risk of direct disturbance by glacial erosion of repositories at typical depths considered (>400 m) is minimal in tectonically quiescent mountain belts and shield areas.
Rates of glacial sediment deposition are greatest near ice margins. These sediments are dominated by tills that tend to act as aquitards. Modeling studies that include these sediments indicate that water discharges at the bed are generally too large to be transported purely by groundwater flow, a conclusion reinforced by landforms such as eskers and tunnel valleys. Water pressure at the bed is affected by the geometry of the hydraulic system at the ice-bed interface. Lack of eskers in a particular region is a weak criterion for asserting large losses of water at the glacier sole to groundwater flow; high discharges of water along the bed can be accommodated by basal hydraulic systems with geometries that do not result in esker deposition. In models of subglacial groundwater flow to deep rock units considered for waste repositories, meltwater available at the bed surface should not be assumed to move primarily as groundwater flow.
Hydrologic measurements beneath the West Antarctic ice sheet and preconsolidation studies of fine-grained glacial sediments of the Laurentide and Scandinavian ice sheets indicate that pore pressures at the beds of these ice sheets tended to be near the ice-overburden pressure. Recent studies of the Greenland ice sheet indicate that substantial summer meltwater discharges from the ablation area of the glacier surface are conducted to the bed through moulins. This observation is consistent with landforms, such as eskers and tunnel valleys, which are usually interpreted as features that develop beneath the ablation areas of retreating ice sheets.
These conclusions bear on an important decision in modeling exchange of groundwater between glacier beds and deep rocks under consideration for waste repositories: choosing between a water flux boundary condition at the bed surface and a head boundary condition set at or near 90% of the ice thickness (floatation). Setting a flux boundary condition based on estimated rates of basal melting may be in error by orders of magnitude, given the evidence for supraglacial water input to the bed. Most preconsolidation data indicate heads within 30% of floatation, so that heads set at the floatation value in models provide only a mild overestimate of actual heads at the bed surface.
